Microbial dissimilatory iron reduction (DIR) is a deeply rooted metabolism in the Bacteria and Archaea. In the Archean and Proterozoic, the most likely electron acceptor for DIR in marine environments was Fe(III)-Si gels. It has been recently suggested that the Fe and Si cycles were coupled through sorption of aqueous Si to iron oxides/hydroxides, and through release of Si during DIR. Evidence for the close association of the Fe and Si cycles comes from banded iron formations (BIFs), which consist of alternating bands of Fe-bearing minerals and quartz (chert). Although there has been extensive study of the stable Fe isotope fractionations produced by DIR of Fe(III)-Si gels, as well as studies of stable Fe isotope fractionations in analogous abiologic systems, no studies to date have investigated stable Si isotope fractionations produced by DIR.
INTRODUCTION
Iron-rich cherts are common in the Archean and Paleoproterozoic rock record and include lithologies such as jasper and banded iron formations (BIFs). Such deposits are commonly used to infer a Precambrian marine system that had high dissolved Fe(II) and Si (e.g., Holland, 1984; Siever, 1992; Klein, 2005) , and it is now recognized that oxidation of hydrothermally sourced Fe(II) in the presence of dissolved Si may produce extensive primary Fe(III)-Si precipitates in Precambrian marine environments (e.g., Fischer and Knoll, 2009; Rasmussen et al., 2015) . The mechanism for Fe precipitation in BIFs has been attributed to chemolithoautotrophic iron oxidation, anoxygenic photosynthesis (photoferrotrophy), and oxidation by ambient oxygen produced by oxygenic photosynthesis (e.g., Kappler et al., 2005; Klein, 2005) . Stable Fe isotope studies of jaspers and BIFs have shown that the extent of oxidation of hydrothermal Fe(II) has increased with decreasing age in the Archean (e.g., Dauphas et al., 2004; Czaja et al., 2013; Li et al., 2013; Satkoski et al., 2015) , and recently, combined Fe-Nd isotopes have documented microbial and hydrothermal Fe sources in 2.5 Ga BIFs . The wide range in isotopic compositions of Si in BIFs has been generally interpreted to be a mixture of hydrothermal and continental sources (e.g., André et al., 2006; Robert and Chaussidon, 2006; van den Boorn et al., , 2010 Heck et al., 2011; Chakrabarti et al., 2012) , although recent studies have increasingly highlighted the potential role of Si cycling through diagenetic processes (e.g., Stefurak et al., 2015) .
Numerous laboratory experiments have constrained stable Fe isotope fractionations associated with interactions between aqueous Fe(II) and various iron oxides/hydroxides in abiologic systems under a variety of pH conditions (e.g., Beard et al., 2010; Wu et al., 2010; Frierdich et al., 2014a Frierdich et al., , 2014b Reddy et al., 2015) . Stable Fe isotope fractionations are significantly affected by the presence of Si, either as a sorbed species, or in the solid phase as Fe-Si gels, including a major influence by Fe:Si ratios relative to equivalent Sifree systems (Wu et al., , 2011 (Wu et al., , 2012 . In addition, the stable Fe isotope fractionation between aqueous Fe (II) and iron oxides/hydroxides during microbial dissimilatory iron reduction (DIR) has been extensively studied in Si-free (Beard et al., 1999 (Beard et al., , 2003 Crosby et al., 2005 Crosby et al., , 2007 and Si-bearing (Wu et al., 2009; Percak-Dennett et al., 2011) systems. The potential importance of DIR in Fe-Si cycling in the Archean lies in the deeply rooted nature of microbial Fe(III) reduction in both the Bacteria and the Archaea (e.g., Vargas et al., 1998) . In contrast, there have been few stable Si isotope studies of Fe-Si systems, where, until recently, only the effect of sorption of aqueous Si to iron oxides/hydroxides has been studied (Delstanche et al., 2009) , although there has been extensive study of pure Si systems. There have been no studies of stable Si isotope fractionation associated with DIR.
In this contribution, we describe the results of experiments that investigated stable Si isotope fractionation during microbial reduction of Fe(III)-Si gels in artificial Archean seawater. The use of Fe(III)-Si gels in the experiments reflects the recognition that such gels were likely important primary precipitates in the Archean ocean during oxidation of aqueous Fe(II) in the presence of high dissolved Si (Percak-Dennett et al., 2011) , and is aligned with the importance of nanometer-scale Fe-silicate phases in iron formation cherts (Rasmussen et al., 2015) , which suggest that Fe and Si co-precipitated from anoxic seawater enriched in dissolved Fe and Si. Control experiments are used to determine Si isotope fractionation in the absence of biological production of aqueous Fe(II). The microbially mediated reductive dissolution of the Fe(III)-Si gels results in both solid-phase and aqueous Fe(II), the former of which has a significant effect on Si isotope fractionation, producing very large isotopic fractionations relative to pure silica systems. Our results are compared to those from a companion study (Zheng et al., 2016) , where Si isotope exchange kinetics between the same Fe-Si gel and AAS in the presence or absence of aqueous Fe(II) was studied through a series of abiologic 29 Si-enriched tracer experiments, and equilibrium Si isotope fractionations in abiologic Fe-Si gel systems were determined through extrapolation to 100% isotope exchange using the three-isotope method. We use the Si isotope exchange kinetics determined by Zheng et al. (2016) to evaluate the likelihood that the biological experiments were close to Si isotope equilibrium. The comparison of the two studies permits us to understand the similarities and differences between Si isotope fractionation imparted by Fe(II) produced as a result of microbial reduction of Fe-Si gels and abiotic introduction of aqueous Fe(II). Our results bear on long-standing puzzles in the Si isotope compositions of BIFs, which tend to have lower d
30 Si values for cherts in BIFs, particularly those that have major portions of Fe(II)-bearing minerals such as magnetite.
EXPERIMENTAL DESIGN AND ANALYTICAL METHODS
DIR of Fe-Si gel was conducted in an anoxic media of seawater-like matrix (termed ''artificial Archean seawater", or AAS). Two sets of experiments (cell and control) were conducted in duplicate, for a duration of 30 d. Experiments that were inoculated with Desulfuromonas acetoxidans and 20 mM acetate are termed cell 1 and cell 2 (Experiments A and B). Two uninoculated control experiments, control 1 and control 2 (Experiments C and D) were run in parallel to the cell experiments. All reactors were maintained under strictly anaerobic conditions. The experiments were conducted and maintained at room temperature ($23°C). The reactor vessels were agitated at the beginning of the experiments, and caution was taken to ensure homogenous sampling and extractions (see Section 2.4).
Synthesis of Fe-Si gel (electron acceptor)
The Fe-Si gel was synthesized using the procedure from Percak-Dennett et al. (2011) , where a solution containing 100 mM NaHCO 3 , 100 mM Na 2 SiO 3 Á9H 2 0, and 50 mM FeCl 2 Á4H 2 O was produced and allowed to oxidize under ambient lab conditions for $18 d with continuous shaking. The extent of Fe(II) oxidation in the solid was monitored regularly during the synthesis process by Ferrozine measurements (Stookey, 1970) on small aliquots of the gel that was dissolved in 0.5 M HCl. The final Fe-Si gel was centrifuged and washed with distilled water, and contained $97-98% of Fe(III) (i.e., a Fe(II)/Fe Total ratio of $0.02-0.03).
This synthesis method produces a homogeneous, amorphous Fe-Si gel, as documented by XRD, SEM, TEM, and chemical assays in Percak-Dennett et al. (2011) . The Fe-Si gel produced by this method consisted of <50 nm solid particles (based on TEM with selected area electron diffraction (SAED) analysis, see Percak-Dennett et al., 2011 ) with a stoichiometric composition of approximately FeSi 2 (OH) 11 as a homogenous solid and not individual particles of Feand Si-bearing material. This was confirmed in the current study using XRD, SEM, and chemical assays, the latter of which analyzed a completely digested gel in HCl and NAOH for Fe and Si concentrations, respectively, which produced a molar ratio of Fe:Si in the gel of 0.475:1 (Supplementary Information, Table S1 ).
Artificial Archean seawater (AAS)
Because the goal of the experiment was to provide an analogy to Archean iron-chert formations, including jaspers and BIFs, key components of Archean marine conditions were incorporated into the experimental design. Archean seawater is generally considered to have been anoxic, high in dissolved Si (Siever, 1992; Maliva et al., 2005) , and low in sulfate contents, 6200 lM (Habicht et al., 2002) . The AAS prepared for this study followed the recipe of Percak-Dennett et al. (2011) (Table S2) , where the phosphate concentration was 0.1 mM to minimize formation of Fe-phosphates, with the exception that aqueous Si was excluded to determine if DIR dissolved the Fe-Si gel in stoichiometric proportions (Fe:Si molar ratio of 0.475:1; see above), as well as maximize sensitivity to any isotopic effects during DIR and mobilization of Si. The exclusion of Si was also to minimize Si sorption to the gel surfaces, which would inhibit release of Si into solution. Although it is estimated that Archean seawater may have contained $0.1-1 mM aqueous Fe(II) (e.g., Holland, 1984) , initial aqueous Fe(II) contents were zero in the cell and control experiments, to monitor the extent of reduction, as well as to determine if dissolution during DIR was stoichiometric, and follows standard practice in experimental studies of DIR. The Fe-Si gel was added to the AAS to make up a final concentration of $21 mM Fe as gel. The medium was then rendered anoxic by bubbling with an 80:20 mixture of O 2 -free N 2 :CO 2 gas passed through a reduced Cu column to remove any traces of O 2 . This method resulted in a final pH of $6.9. The slightly lower pH relative to modern seawater is a realistic condition for Archean seawater at equilibrium with elevated atmospheric CO 2 concentrations (Rye et al., 1995; Ohmoto et al., 2004 Ohmoto et al., , 2006 Sheldon, 2006) , and still lies within the physiological limits of modern marine dissimilatory iron-reducing bacteria (6.5-8.5; Lovley et al., 2004) . The near-neutral pH also minimizes Si polymerization (Iler, 1979; Svensson et al., 1986; Davis et al., 2001; Hiemstra et al., 2007) , and prevents the inhibition of DIR that occurs at more alkaline pH due to Si polymerization on the surfaces of Fe(III) oxides (Wu et al., 2009 ). The medium was not autoclaved to avoid re-crystallizing the Fe-Si gel and inducing phase transitions.
DIR culture
D. acetoxidans was obtained from the DSMZ-German Collection of Microorganisms and Cell Cultures, Germany. The cells were grown to a stationary phase and collected by centrifugation and washing with AAS, as previously described in Roden and Lovley (1993) , where fumarate served as the electron acceptor and sodium acetate served as the carbon and energy source. A portion of washed cells was added to AAS medium containing Fe(III)-Si gel to obtain a final cell concentration of ca. 10 8 cells/mL.
Sampling and extraction procedures
Subsamples of 2 mL volume were collected at each time point from shaken reactor vessels to ensure homogenous sampling of the solid suspension. All removals from the vessels were done using syringes that had been flushed with O 2 -free N 2 :CO 2 gas to maintain anoxic conditions. The subsamples were separated into different aliquots for Fe and Si measurements by colorimetry (see Section 2.6) and Si isotope analysis. All the extractions were conducted in an anaerobic chamber (Coy Products, Grass Lake, MI, USA). Lab apparatus and chemical reagents were allowed to equilibrate in the anoxic chamber for at least 24 h prior to use.
Aqueous and solid phases were sampled at 1, 2, 5, 9, 16, 23, and 30 d (Table 1) , where the collected suspension was centrifuged for $5 min at $6000g, followed by removal of the supernatant as the aqueous phase. The remaining solid was dissolved in 1 mL 0.5 M HCl for $24 h. Prior to Fe and Si concentration measurements, the aqueous phase was centrifuged and only the upper part of the solution was sampled for analysis to avoid contamination of any non-visible precipitate in the aqueous component.
2.5. X-ray diffraction (XRD) and variable pressure scanning electron microscopy (VPSEM) analysis XRD analyses of the initial Fe(III)-Si gel after synthesis confirmed the amorphous nature of the gel, which was consistent with our previous studies (Percak-Dennett et al., 2011; Wu et al., 2012) . In addition, solids collected after microbial reduction (Experiments A and B) and from the control experiments (Experiments C and D) were also analyzed by XRD and VPSEM. Samples were dried under a stream of O 2 -free N 2 gas prior to XRD and VPSEM. XRD data were obtained using a Rigaku Rapid II XRD system with a two-dimensional image plate detector (Mo Ka radiation) in the Department of Geoscience, University of Wisconsin-Madison. Using Rigaku's 2DP software, the images were integrated to produce the final XRD pattern (Fig. S1 ).
VPSEM analyses were carried out on the solids of microbial reduced samples (Experiments A and B) and of the control experiments (Experiments C and D) at the Department of Geoscience, University of Wisconsin-Madison.
The solids were imaged ( Fig. S3 ) with a backscattered electron (BSE) detector of the VPSEM operated at 15 kV, suited for biological specimens (Newbury, 2002) . The energy dispersive X-ray spectrometric analyses were done to confirm the 0.475:1 Fe:Si ratio in the reduced material on the micrometer scale.
Fe and Si concentration measurements
Iron contents in the aqueous and solid component (dissolved by 0.5 M HCl) were quantified using a small aliquot of these solutions and the Fe(II)-selective reagent Ferrozine (Stookey, 1970) . The total Fe concentration was determined using hydroxylamine hydrochloride to reduce all Fe to Fe(II). The Fe(III) abundance is calculated as the difference between total Fe and Fe(II). Light absorbance of these samples was measured on a spectrophotometer at a wavelength of 562 nm and converted to concentrations based on calibrations to Fe standards of known concentrations. The uncertainty associated with this method was $5% (1 SD) based on replicate measurements of samples and the detection limit was $5 lM. The concentration of silica was determined colorimetrically using the heteropoly blue method (Clesceri et al., 1989 ) that detects molybdatereactive Si species, which are mostly present as monomers and minor dimers and trimmers (Iler, 1979; Tanakaa and Takahashib, 2001 ). For Si concentration measurements, solutions were allowed to react with the All isotopic data from wet plasma except isotopic data from Experiment A t = 5, 16 d (solid), Experiment B t = 5 d (aqueous), t = 2-16 d (solid), Experiment C t = 5-9 d (solid), and Experiment D t = 1, 16, 30 d (aqueous), t = 1, 9-30 d (solid) were from dry plasma. a 2 SD = 2*standard deviation, where standard deviation is based on the number of replicate isotopic analysis for a particular sample. b NA = Not applicable.
ammonium molybdate for $5 min before being reduced by 1-amino-2-naphthol-4-sulfonic acid that resulted in bluecolored Si complexes. Light absorbance of these samples was measured on a spectrophotometer at wavelength of 815 nm and converted to concentrations based on calibrations to Si standards of known concentrations. The uncertainty associated with this method was $5% (1 SD) based on replicate measurements of samples and the detection limit was $5 lM.
Si isotope analysis
Silicon isotope compositions are reported in standard delta (d) notation relative to the international standard NBS-28:
and
Isotopic fractionation between two phases, A and B, is expressed as:
following standard notation, and this can be approximated by:
Prior to sample purification by cation-exchange chromatography for Si, the aqueous samples were acidified with double-distilled 7 M HCl to pH $ 2-3 (verified with pH papers). Because Si precipitated as insoluble gel due to high Si contents and the resulting fast Si polymerization in the solution when Fe-Si gel was dissolved in $1 mL of 0.5 M HCl, it is essential to separate the supernatant and the gel. Although the supernatant contained primarily Fe, it can also contain some soluble, monomeric Si. Insoluble Si gel was dissolved in NaOH, and the dissolved solution was then diluted to low Si concentrations ($20 ppm) so that acidification of the solution did not result in reprecipitation of Si. The supernatant and the dissolved gel were finally recombined to ensure accurate total Si measurement.
The pre-treated samples were then purified following the chromatographic approach of Georg et al. (2006) . Because Si existed in the samples largely as uncharged monosilicic acid (H 4 SiO 4 ), along with some minor negatively charged species (H 3 SiO 4 À ), at pH $ 2-8, Si is not retained by the cation exchange resin (Bio-Rad AG 50W-12X, H form, 200-400 mesh). The resin was filled up to the 1.8 mL mark on BioRad columns and pre-cleaned by 8 M HCl, 4 M HCl, and ultrapure water sequentially. Multiple passes of HCl and water were used to ensure clean resin. Prior to sample loading, the eluted water from the columns was checked for neutral pH to verify complete removal of the HCl. Silicon was collected after the sample was loaded on the column, and further eluted with $4. , were resolved by narrowing the width of the source defining slit and the two alpha slits to operate in pseudo-high-massresolution mode. Silicon-bearing sample solutions were inlet into the mass spectrometer using a self-aspirating nebulizer with an uptake rate of $90-110 lL/min and a Peltier cooled (7°C) Glass Expansion Twister spray chamber (wet plasma) or using an Aridus desolvating unit (dry plasma). Silicon concentrations were set at $3 ppm for the wet plasma measurements and $1 ppm for the dry plasma measurements, yielding a total Si ion intensity of $5-10 volts (10 11 ohm resistors). Silicon backgrounds from reagents and instrument were negligible (<0.5%) relative to Si processed through column chemistry, and were corrected by an on-peak-zero routine for each analysis. Instrumental mass-bias corrections were made using a standard-samplestandard bracketing protocol, where the international standard for Si isotopes, NBS-28, was used as the bracketing standard.
Accuracy and precision of Si isotope measurements were assessed through analysis of standards of known isotopic composition, Diatomite and BHVO-2, which were processed through the entire chemical separation procedure along with samples, and measured in each analytical session. (Reynolds et al., 2007; Savage et al., 2014) . Moreover, repeated measurements for the same samples under wet and dry plasma modes were reproducible within uncertainty ($0.20‰) (Fig. S2) , indicating that the datasets are equivalent.
In addition to measurements of Diatomite and BHVO-2, Si isotope analysis was evaluated using anion and cation doping tests. The use of cation exchange columns does not allow for removal of anions such as Cl À , which was a major anion in AAS. Therefore, NBS-28 that had been passed through the ion-exchange column separation was doped with HCl at concentrations between 0.02 and 0.5 M, bracketing the range in our samples, and this was measured against NBS-28 that was not doped with HCl. This test showed that the measured Si isotope compositions of NBS-28 doped with a range of Cl À were identical within analytical uncertainty of the measurements ($0.20‰), suggesting a negligible matrix effect associated with anions. Cation doping tests were also conducted to evaluate the effectiveness of the ion-exchange separation. The Big Batch Si standard was doped with FeCl 3 to produce Fe:Si molar ratios of 1:1, 1:2.5, and 1:5 and processed through ionexchange columns prior to isotopic analysis. This produced Si isotope compositions that were indistinguishable from those measured for pure Big Batch, indicating effective removal of Fe through the ion-exchange column separation procedure.
RESULTS
3.1. Fe-Si gel structure X-ray diffraction and VPSEM analysis indicated that the initial Fe(III)-Si gel and the microbially reduced gel were amorphous. The XRD patterns contained no significant peaks to be correlated with any minerals (Fig. S1 ). EDS analysis in VPSEM produced Fe:Si ranging between 0.5-0.6 over areas of 20 Â 20, 50 Â 50, and 200 Â 200 lm, indicating that there was no significant change in Fe:Si ratios within the uncertainties of operating in VP mode. Although the measured aqueous Si concentrations in the cell and control experiments (Experiments A-D; $1 mM; see below) were significantly above saturation levels for quartz: $0.3 mM at 20-30°C (Gunnarsson and Arnó rsson, 2000) , there was no evidence for formation of micro-crystalline quartz in XRD or SEM measurements. The Si concentrations were below amorphous silica saturation, $2 mM (Gunnarsson and Arnó rsson, 2000) . For the time-series samples, there was no detectable change in the amorphous (nanoparticulate) nature of the solids.
Temporal changes in Fe and Si concentrations
The total Fe concentrations reported ( Fig. 1A ; Table S3 ) for the aqueous fraction are all Fe(II) because anaerobic conditions were used and the electron acceptor was solidphase Fe(III). The lack of significant aqueous Fe in the control experiments (Experiments C and D), beyond the small amount carried over from preparation of the initial Fe-Si gel (see above), demonstrates that abiologic dissolution of Fe in the gel did not occur under the experimental conditions used. The aqueous Fe concentrations in the cell experiments increased with time (Experiments A and B), although all measurements were below 0.25 mM. In the control experiments (Experiments C and D), very low levels of aqueous Fe were measured reflecting the small amounts of residual Fe(II) (Fe(II)/Fe Total = 0.02-0.03) that remained after preparation of the initial Fe(III)-Si gel that was produced by $97-98% oxidation (see above).
The majority of Fe(II) produced during microbial reduction was retained in the solid phase, consistent with previous studies, which showed that the majority of Fe (II) is probably incorporated into the gel or bound to the surfaces of the gel (see discussion in Percak-Dennett et al., 2011) . Solid-phase Fe(II) concentrations increased to an average of $5.6 mM in the cell experiments after 30 d. The Fe(II) measured in the control experiments reflects a Fe(II)/Fe Total ratio of 0.02-0.03 that remained after preparation of the initial Fe(III)-Si gel, and the Fe (II)/Fe Total ratios and percent reduction for the cell experiments are calculated after subtracting this background level of Fe(II) (Fig. 1B) . The correction for background Fe(II) is equivalent to $2-3% reduction, and therefore would be negligible relative to the extent of reduction over the total time of the experiment even if no correction was made. For each sample, the total solid phase Fe concentration was measured and was variable due to variations in suspension density sampled at each time point. The Fe(II)/Fe Total ratios and percent reduction were therefore calculated using the total solid phase Fe concentration of individual time points for the experiments, and not the initial amount delivered to the reactors.
The initial AAS had no aqueous Si in the beginning of the experiments (t = 0), as Si was excluded during the preparation AAS. The aqueous Si concentrations quickly rose to $1 mM within the first day of the experiments for both cell and control experiments ( Fig. 1D ; Table S3 ). Most of the Si resided in the solid phase ($97%) and the rise in aqueous Si concentration is equivalent to $3% dissolution of the solid Fe-Si gel (Table S4 ). In contrast, aqueous Fe did not increase beyond that expected from initial background levels (above) indicating that this early dissolution of the Fe-Si gel was non-stoichiometric. This extent of dissolution is equivalent to changing the Fe:Si molar ratio of the bulk Fe:Si gel from 0.475:1 to 0.475:0.97, which would not be detected in the chemical analyses. At t = 9 d, cell and control experiments reached 1.1-1.2 mM aqueous Si, which may reflect saturation or slightly supersaturated conditions for the Fe-Si gel. The aqueous Si concentrations thereafter remains constant within uncertainty (±5%, 1 SD), although the cell experiments seem to maintain slightly higher aqueous Si concentrations for later time points than the controls. One anomalously high aqueous Si measurement of 1.25 mM for Experiment A at t = 16 d is interpreted to reflect minor contamination by the solid phase during separation of the supernatant, as this is not seen in the same time point for Experiment B.
Reduction of Fe-Si gel
The extent of reduction was calculated using the sum of aqueous and solid Fe(II) contents relative to total solid phase Fe at each sampling. Following previous work (Percak-Dennett et al., 2011), 20 mM acetate was used in the cell experiments (Experiments A and B) as the electron donor. An average of 32% reduction was achieved over 30 d in the cell experiments ( Fig. 1 ; Table S3 ). The significantly slower reduction rates in the current study, as compared to that of Percak-Dennett et al. (2011) (79%) , are probably associated with the lower intrinsic activity of the cells in the pure culture used in the current study, as compared to the natural enrichment culture used by Percak-Dennett et al. (2011) .
Si isotope variations
The first sampled solution (t = 1 d), where aqueous Si rapidly increased from zero to $1 mM (Fig. 1) Fig. 2A ; Table 1 ). There was a significant difference (i.e., $0.7‰) in the d
30
Si aqueous values reached at the end of the experiment for the cell and control experiments, where the control experiments plateaued at d 30 Si aqueous $ 2.5-2.7‰ at the end of the experiment (Fig. 2 ). An important distinction between the cell experiments and controls is that the former produced significant quantities of solid-phase Fe(II) during reduction, whereas no significant Fe(II) was produced in the controls. The Fe(II)/Fe Total of the controls remained constant within error at 0.02-0.03. In contrast to the Si isotope changes in the aqueous phase, the d
30 Si values for the solids remained constant within analytical error of the initial d 30 Si value for the Fe-Si gel. This reflects the fact that 97% of the Si (molar ratio) in the experiments was contained in the gel (Table S4) .
Using the d
Si values determined individually on the time series of solid-aqueous pairs, the Si isotope fractionations at each time were calculated, and an average D 30 Si solid-aqueous isotope fractionation was estimated using the last three time points (Table 1) , representing an approximation to steady-state conditions with regard to Si (Fig. 2) . Commensurate with the changes in d
Si aqueous values, the Si isotope fractionations between Fe-Si gel and aqueous Si become larger over time and reach a relatively constant isotopic fractionation by the second half of the experiments, both in cell and control experiments ( Fig. 3 
DISCUSSION

Aqueous Si concentrations and isotopic exchange mechanism
The temporal changes in aqueous Si concentrations may reflect the interplay between net dissolution and net sorption, which may be illustrated through comparison of rate constants if a first-order rate law is assumed. Rapid dissolution of the solid occurred because the aqueous phase was initially under-saturated with respect to Si. At t = 1 d, aqueous Si concentrations rapidly rose, and at t = 2 d, aqueous Si concentrations reached a maximum ( Fig. 1D ; Table S3 ). With continued time, the Si concentrations remained constant over t = 9-30 d except for Experiment A at t = 16 d. Initial dissolution of the solid phase was only $3% of the total solid mass (Section 3.2 above), and the rapid increase in aqueous Si in the first day produces a first-order rate constant of À2.29 d
À1
. The rate constants were calculated based on the fraction of Si that was present in the aqueous phase over time. Since dissolution was rapid (reaching saturation levels within two days), only the first two time points were used to derive the dissolution rate constant since the later time points (5-30 d) may represent more complex sorption-desorption processes. This is supported by comparing the rates of Si sorption to ferrihydrite based on the work of Delstanche et al. (2009) , which produces a first-order rate constant of À0.073 d
, suggesting that the rate of sorption of Si to the mixed Fe(III)-Fe (II)-Si gel used in our study was likely much slower than the rate of initial dissolution (Fig. S5) . We therefore interpret the peak in aqueous Si concentrations between 2 and 30 d to reflect Si saturation in the absence of significant sorption, whereas the slight decline in aqueous Si concentrations with longer time periods likely reflects net sorption. It does not seem likely that the temporal changes reflect changing aqueous Si polymerization at the circum-neutral pH and low Si concentrations of our experiments (Stumm et al., 1967; Iler, 1979) . The aqueous Si contents in both cell and control experiments ($1 mM) are the same throughout the individual sampling times (t = 2 d onwards), most likely reflecting minimal differences in Si solubility among the Fe-Si gels. This appears to indicate that the Fe:Si ratio of gel is the major control of the gel solubility, as observed by Zheng et al. (2016) , rather than the Fe(III):Fe(II) ratio of gel, although further experiments would be required to confirm this.
Extensive previous characterization of the Fe-Si gel used in the current study (Percak-Dennett et al., 2011; Wu et al., 2012) , and Fe-Si gels in general (Doelsch et al., 2000 (Doelsch et al., , 2001 (Doelsch et al., , 2003 , indicates that such gels are composed of Fe-Si-O networks rather than distinct Fe-and Si-rich phases. We envision that our Fe-Si gel is probably similar in size to the Fe silicate nanoparticles in the Hamersley BIFs, <10-600 nm long and $1-50 nm wide (Rasmussen et al., 2015) . For mobilization of Si to occur during isotopic exchange, breakage of Fe-Si-O bonds is required. The similar solid-aqueous Si isotope fractionations for the cell and control experiments in the first few days (Fig. 3) suggests similar extents of Si isotope exchange when the solid phases are most similar between the cell and control experiments (i.e., only very low levels of Fe(II) in the solid phase). The isotopic fractionations, however, begin to deviate by $10 d (Fig. 3) between the cell and control experiments. This could reflect greater extents of Si isotope exchange in the cell experiments as Fe(II) is produced by in situ reduction, drawing upon the observation of Zheng et al. (2016) that the presence of Fe(II) increases Si isotope exchange rates. In addition, where Fe(II) is present, previous stable Fe isotope studies have shown that Fe atom exchange is catalyzed by electron transfer reactions that may produce large extents of Fe isotope exchange in Fe oxides/hydroxides (e.g., Handler et al., 2009; Beard et al., 2010; Frierdich et al., 2014a Frierdich et al., , 2014b , as well as Fe-Si gels (Wu et al., 2011 (Wu et al., , 2012 . If Fe-Si-O bonds are broken during Fe atom exchange, we would expect this to also enhance Si atom exchange during electron transfer reactions. In addition, the presence of Fe(II) in the solid phase of the experiments, particularly the cell experiments that produced high levels of Fe(II), may impart an intrinsically different Si isotope fractionation for mixed Fe(III)-Fe(II)-Si gels as compared to Fe(III)-Si gels (Zheng et al., 2016) , and this is discussed in the next section.
Role of Fe(II) and biological reduction
The results of Zheng et al. (2016) , which studied Si isotope exchange under abiologic conditions using a nearly identical Fe-Si gel, document that the presence of Fe(II) in the aqueous and solid phase leads to more extensive Si isotope exchange between Fe-Si gel and AAS, and also leads to a larger Si isotope fractionation relative to Fe (II)-free systems, reflecting bonding changes that occur upon incorporation of Fe(II) into the solid. We compare these results with those of the current study in Fig. 4 . An important distinction between our results and those of Zheng et al. (2016) , however, is that solid phase Fe(II) concentrations in the current study were much higher in the cell experiments due to microbial Fe(III) reduction. Dissimilatory Fe(III)-reducing organisms such as D. acetoxidans utilize specific biomolecular mechanisms (i.e., outer membrane proteins) to catalyze DIR (Liu et al., 2014) , which raises the possibility that there were enzymatic or ''vital" effects on the Si isotope fractionation produced by D. acetoxidans. It seems more likely, however, that the ''biological" effect in producing larger D 30 Si solid-aqueous isotope fractionation than in the abiological studies lies in the production of higher proportions of Fe(II) (Fig. 4; Table 1 ) and the concomitant bonding changes that may produce more extreme Si isotope fractionations. Zheng et al. (2016) determined an equilibrium D 30 Si solid-aqueous isotope fractionation of $À3.2‰ in the presence of aqueous Fe(II) and a solid Fe-Si gel that had an Fe(II)/Fe Total ratio of 0.09, where equilibrium conditions were estimated based on extrapolating experiments that exchanged $80-90% to 100% exchange. Zheng et al. (2016) determined a much smaller equilibrium isotope fractionation of D 30 Si solid-aqueous $ À2.3‰ for an Fe(II)-free system, obtained by extrapolating experiments that exchanged $70-80% to 100% exchange. In contrast, the D 30 Si solid-aqueous isotope fractionation measured in the cell experiments, where Fe(II)/Fe Total ratios reached $0.32, ranged from À3.4‰ to À3.5‰ (Fig. 4) Fig. 4 suggest that they do not.
Comparison of the Si isotope fractionations measured in the controls in this study with the Fe(II)-free exchange experiments of Zheng et al. (2016) suggest differences that probably reflect the distinct experimental conditions of the two studies. The controls in the current study used a Fe-Si gel that had Fe(II)/Fe Total ratios of 0.02 and 0.03, reflecting minor carryover of Fe(II) during initial preparation of the gel, and this small amount of Fe (II) (Fig. 4 ).
An additional difference between the studies is that Zheng et al. (2016) set the initial aqueous Si concentrations near those estimated to reflect Si solubility for the Fe-Si gel, whereas no initial aqueous Si was used in our control or cell experiments, and this produced distinct temporal changes in Si isotope fractionations (Fig. 5) . In experiments 2a and 3a of Zheng et al. (2016) , which had a Fe(II)/Fe Total ratio of 0, $70% exchange occurred after 30 d, and in their experiments 2b and 3b, which had a Fe(II)/Fe Total ratio of $0.09, $80% exchange occurred after 30 d. In our controls, the isotopic fractionations become larger in the first 10 d, probably reflecting the lack of buffering that occurred in the Zheng et al. (2016) experiments that contained initial aqueous Si, but, over time, the isotopic fractionations in our controls moved toward those measured for the Fe(II)-bearing experiments of Zheng et al. (2016) (Fig. 5) . Although we cannot rule out an initial kinetic effect in our controls, such effects, if present, were not large enough to produce dramatically different temporal trends relative to the Fe(II)-bearing results of Zheng et al. (2016) . In fact it is possible that our control experiments reached Si isotope equilibrium faster than those of Zheng et al. (2016) because the presence of initial aqueous Si in their experiments would mute isotopic changes with time.
Implications for the Precambrian rock record
Two important conclusions can be drawn from the current study and the companion work of Zheng et al. (2016) that bear on interpretation of Archean jaspers and BIFs. The first is the role of microbial iron reduction which results in Fe(II) that creates the conditions for the largest Si isotope fractionations yet measured, which offers a possible explanation for the wide range in Si isotope compositions of jasper-and BIF-related cherts. The second is the difficulty in attaining sufficient Fe(II) contents in Fe-Si gels to produce the precursors of magnetite + quartz assemblages under abiologic reactions between Fe(III)-Si gels and aqueous Fe(II), raising the possibility that the presence of magnetite may essentially require a role for DIR when abundant magnetite is found in low-clastic, quartz-rich marine sediments.
The exceptionally large Si isotope fractionations measured here during microbial reduction of Fe(III)-Si gels provides a potential explanation for the highly negative d
30 Si values measured in Archean and Proterozoic BIFs that contain Fe(II)-bearing oxides such as magnetite. In Fig. 6 , we illustrate the interactions that may occur between aqueous Si and Fe(III)-Si gel, its reduced counterpart, and the resulting authigenic mineral products. It is not the intent of Fig. 6 to fully describe the precise Si isotope compositions of quartz in all BIFs; we recognize that factors such as the proportions of hydrothermal and continental sources will influence the range of isotopic compositions of cherts in BIFs. Our goal here is to illustrate potential diagenetic pathways for hematite-and magnetite-bearing cherts in jaspers and BIFs that may produce distinct Si isotope compositions based on Si isotope fractionations documented here through microbial iron reduction.
Building on the equations and discussion in PercakDennett et al. (2011) and Posth et al. (2013) , we initially assume one-third reduction of Fe(III)-Si gel by DIR, which can be described by 3FeSi 2 ðOHÞ 11 þ 0:25CH 2 O ! 3FeðIIÞ 1=3 FeðIIIÞ 2=3 Si 2 ðOHÞ 10 2=3 þ 0:25HCO 3
which in turn may produce a magnetite-quartz assemblage via the reaction 3FeðIIÞ 1=3 FeðIIIÞ 2=3 Si 2 ðOHÞ 10 2=3 þ 0:
In contrast, in the absence of reduction, burial diagenesis of Fe(III)-Si gel would produce a hematite-quartz assemblage via the reaction
We use the following isotope fractionations between aqueous Si and (1) Fe(III)-Si gel, D
30
Si solid-aqueous $ À2.3‰ (Zheng et al., 2016) ; (2) (Douthitt, 1982; Dupuis et al., 2015; Pollington et al., 2016) , to illustrate the differences between closed-and open-system isotopic compositions, focusing on late-stage diagenetic Fe reduction (Fig. 6) .
The (Fig. 6A ). Dewatering and diagenetic interactions between gel and pore fluids may impart additional isotopic fractionations, but in our illustration, we assume the isotopic compositions are determined in the initial gel precipitate because this is most closely analogous to the experimental conditions. In our simple model, quartz would inherit the Si isotope compositions of the initial Fe(III)-Si gel if produced via burial diagenesis in a closed system or when there is incomplete equilibration with seawater. If, however, quartz maintained Si isotope equilibrium with aqueous Si (open system), its d
30 Si values would be significantly higher, depending upon the quartzaqueous Si isotope fractionation, D 30 Si solid-aqueous $ 2‰ at $23°C (Pollington et al., 2016) and the extent of isotopic exchange during transformation of Fe(III)-Si gel to quartz and hematite.
In contrast, the very large Si isotope fractionations produced during reduction of Fe(III)-Si gel indicates that quartz, in the presence of Fe(II)-bearing oxides such as magnetite, may have highly negative d
30 Si values (Fig. 6B) . Assuming Si isotope exchange between the partially reduced Fe-Si gel and aqueous Si, in the presence of a large molar proportion of aqueous Si, as expected in a marine setting, d
30 Si values down to <À3.5‰ may be produced, using the relations shown in Fig. 4 . Reaction to magnetite and quartz during burial diagenesis in a closed (Pollington et al., 2016) .
In situ Si isotope studies of quartz in BIFs that have different Fe oxide mineralogy (hematite or magnetite) support our model in Fig. 6 . Work by Steinhoefel et al. (2010) (Fig. 7) . This contrast follows the experimental results obtained in this study, where the most negative d
30 Si values for quartz would be expected to be associated with mixed Fe(II)-Fe(III) (corresponding to magnetite + quartz assemblages), whereas relatively higher d
30 Si values for quartz would be expected in the absence of Fe(II) (corresponding to hematite + quartz assemblages) (Fig. 6 ). This interpretation contrasts with that offered by Steinhoefel et al. (2010) and Heck et al. (2011) . Steinhoefel et al. (2010) concluded that very low d
30 Si values represent hydrothermal sources, while Heck et al. (2011) in their study of similar BIF samples suggested that Si, mostly hydrothermally sourced were fractionated by non-equilibrium processes when Si precipitated by adsorption on Fe oxides in ocean waters. Our results, however, offer an alternative explanation for quartz in BIFs that has very low d
Si values, and the occurrence of such Si isotope compositions in magnetite-rich layers can be explained through microbial reduction of primary Fe (III)-Si precipitates, followed by dewatering and burial diagenesis to quartz-magnetite assemblages.
We conclude by addressing the possibility that magnetite-quartz BIFs, particularly if accompanied by highly negative d
30 Si values, may essentially require an indirect role for biology in producing Fe(II) and creating the conditions required for the observed isotopic fractionations. Although magnetite paragenesis can occur at many stages in BIFs (e.g., Bekker et al., 2010) , from early diagenesis to ore formation, very early magnetite is commonly interpreted to have formed either through direct precipitation of mixed Fe(II)-Fe(III) precursors or through reaction of Fe(III) hydroxides with aqueous Fe(II) (e.g., Klein, 2005; Beukes and Gutzmer, 2008) . Virtually all discussions on magnetite formation pathways to date, be they based on the rock record or experiment (e.g., Klein, 2005; Posth et al., 2013) , have focused on pure ferrihydrite starting materials, and rarely have considered Si, particularly Fe-Si gels. The results of Zheng et al. (2016) , who used aqueous Fe(II) concentrations of $1 mM, an extreme upper limit estimated for the Archean ocean, only produced a mixed Fe(III)-Fe(II)-Si gel that had an Fe(II)/Fe Total ratio of 0.09, much lower than the stoichiometry of magnetite (Fe(II)Fe(III) 2 O 4 ). Although magnetite is easily produced through interaction of aqueous Fe(II) and ferrihydrite in pure Fe systems (e.g., Frierdich et al., 2014b) , the presence of Si, either as a sorbed species to ferrihydrite, or an Fe(III)-Si gel, strongly inhibits conversion to more stable Fe(III) oxides/hydroxides, or production of Fe(II)-bearing oxides (Wu et al., 2011) , and the results of Zheng et al. (2016) support this observation. Although additional experimental studies are clearly needed, the results to date using Fe-Si gels suggests that it is very difficult to produce magnetite through interactions with aqueous Fe(II). In particular, because estimates for aqueous Fe(II) contents in the Archean oceans are generally lower than the 1 mM used by Zheng et al. (2016) , perhaps closer to 100 lM (see discussion in Czaja et al., 2012) , it seems unlikely that abiologic production of solid-phase Fe(II)/Fe Total ratios sufficient to reach magnetite stoichiometry could have easily occurred in Si-bearing Archean marine environments. In addition, if sorption of Si inhibits Fe isotope exchange over long time periods (Wu et al., 2012) , this might inhibit abiotic Fe(II) incorporation and development of high enough Fe(II)/Fe Total ratios to reach magnetite stoichiometry. In contrast, the highly reducible nature of Fe(III)-Si gels provides a compelling mechanism for producing magnetite-quartz assemblages that have highly negative d 30 Si values. Although it is difficult to currently prove such assemblages could not be produced by abiologic means, on balance, the evidence at hand suggest an indirect role for biology in producing Fe(II) as a viable explanation for the observed isotopic fractionation. When coupled with highly negative d
30 Si values for quartz in magnetite-rich BIFs, the argument for a microbial reduction pathway seems highly compelling.
CONCLUSIONS
Microbial Fe(III) reduction of Fe-Si gels produces the largest yet measured Si isotope fractionation between solid-phase and aqueous Si, where the apparent isotopic fractionation increases with increasing extent of reduction. Collectively this study, and that of Zheng et al. (2016) Zheng et al. (2016) that the presence of Fe(II) increases Si isotope exchange rates, it is possible that the large Si isotope fractionations measured here approached those of equilibrium conditions.
Microbial reduction of Fe(III)-Si gel readily produces mixed Fe(III)-Fe(II)-Si gels that, upon dewatering and burial diagenesis, could produce magnetite-quartz assemblages that are characterized by highly negative d
30
Si values. Recent in situ Si isotope studies of BIFs (Steinhoefel et al., 2010; Heck et al., 2011) have identified highly negative d
Si values in quartz from magnetite-rich layers, as compared to quartz from hematite-rich layers, providing compelling evidence that the magnetite-quartz assemblages reflect DIR. Although it is possible that the mineralogical and Si isotope characteristics of such BIF samples may be produced through abiologic interactions between aqueous Fe(II) and Fe-Si gels, Fe exchange may be inhibited through sorption of Si, and it is becoming increasingly apparent that Archean seawater aqueous Fe(II) contents may not have been sufficient to attain solid-phase Fe(II) contents required to produce magnetite. In contrast, microbial reduction provides an efficient means for producing magnetite and highly negative d
30 Si values in quartz from magnetite-rich layers in BIFs. Si values, which can be explained by the diagenetic reactions in Fig. 6 , where production of Fe(II) during DIR of Fe(III)-Si gel produces more extreme Si isotope fractionations than Fe(II)-free Fe-Si gel.
